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The predictions of isotopic composition of evaporation (dE) from a water body are often made with the
Craig–Gordon model on the assumption that the isotopic composition of water surface undergoing evap-
oration (dL,e) is the same as that of the bulk water (dL.b). The validity of this well-mixed assumption is not
known due to the lack of the dE measurements. In this study, a tunable diode laser (TDL) analyzer was
deployed to make fine time-resolution measurements of H2

18O and HDO in vapor in a home-made flux
chamber. Our results show that the surface enrichment was substantial: on average, the surface water
was 7.5–8.9‰ more enriched in 18O and 12.6–16.5‰ in D than the bulk water, the exact value depending
on the choice of the kinetic fractionation factor for evaporation. Also we reported greater uncertainties of
D than that of 18O in the estimation of surface enrichment; The measured 18O surface enrichment was
statistically different from zero but the D enrichment was not. The kinetic effect appeared stronger under
conditions of higher evaporation. In addition to leaf water, we suggest that the surface enrichment should
also exist in lakes and evaporation pans although it is likely lower than our enrichment values. The well-
mixed assumption may have also affected previous efforts of determining the 18O/16O and D/H diffusivity
ratios in air.

� 2011 Elsevier B.V. All rights reserved.
1. Introduction

Isotopic fractionation effects determine the isotopic composi-
tions of both the evaporating vapor and the residual water by dis-
criminating heavier isotopes in the process of phase changes of
water. Understanding these fractionation effects is a necessary step
in many isotope studies. The isotope tracers provide us a means to
understand the dynamics of hydrologic processes (Gat et al., 1994).
The meteoric water exerts an imprint on plant source water, which
can be used to reveal water relations (Dawson and Ehleringer,
1991). The ecosystem-scale water flux can be partitioned into its
component fluxes using the isotope tracers (Lee et al., 2007;
Williams et al., 2004). Furthermore, the oxygen isotope of water
is tightly associated with that of atmospheric CO2, offering an
opportunity to constrain the atmospheric carbon budget using
the knowledge of discrimination processes associated with plant
photosynthesis and soil respiration (Ciais et al., 1995; Farquhar
et al., 1993).

The evaporative enrichment at the water surface is created by
the accumulation of the heavier isotopes, in part, due to the kinetic
effect. This effect arises from the different molecular diffusion rate
between the heavier HDO and H2

18O molecules and the lighter
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16O molecules at the air–liquid interface. Craig and Gordon

(1965; hereafter referred to as the C–G model) first proposed an
isotopic evaporation model for open water surfaces. The model
characterizes the isotopic kinetic fractionation effect as being con-
trolled by turbulent and laminar boundary layers above the isoto-
pically equilibrated air–water interface. Conceptually, in the
laminar layer, isotopic fractionation is governed by molecular dif-
fusion while no fractionation occurs under fully turbulent condi-
tions in the turbulent layer. Applying this principle to
evaporation from a soil surface, Zimmermann et al. (1967) sug-
gested that turbulent mixing is minimal and molecular diffusion
represents dominant process above the evaporating front in the
soil pores. Allison et al. (1983) found that this diffusion-controlled
fractionation effect increases with the depth of the evaporating
front. In contrast to soil water, evaporation from a leaf surface is
governed by kinetic fractionation effects in both stomata and the
boundary layer of the leaf (Farquhar et al., 1989). Many studies
have confirmed the necessity of accounting for the boundary layer
diffusion in determining the leaf isotopic exchange (Barbour et al.,
2007; Cernusak et al., 2002; Ogee et al., 2007).

Application of the C–G model to quantifying the evaporative
enrichment is difficult due to theoretical and technical limitations.
During the phase change of water, the heavier isotopes accumu-
lated at the water surface diffuse downwards to the liquid reser-
voir and the lighter isotopes move upwards by advection. The
thickness of the advection–diffusion layer at the liquid surface con-
trols the degree of evaporative enrichment at the surface (He and
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Smith, 1999). This thickness is, however, not amenable to direct
observation. In the studies of plant–atmosphere vapor isotope ex-
change, questions exist about the role of turbulent transport in the
kinetic fractionation. The exponent n in the kinetic factor eK for-
mula (Section 2) can vary from zero in fully turbulent diffusion
to 1 in fully molecular diffusion. In spite of the expected turbulent
diffusion in the canopy boundary layer, global modeling studies
deploy eK with an effective n value greater than 0.9 (Hoffmann
et al., 2004), which is larger than the kinetic factor for open water
evaporation whose n value is typically around 0.5. In leaf-scale
studies, eK is mostly controlled by diffusive fractionation through
the stomata. This eK gives good agreement between the C–G model
prediction and the measurement of leaf water enrichment only if
humidity and vapor isotope contents are measured very close to
the leaf boundary layer (Xiao et al., 2010).

Recent advances in laser spectroscopy make it possible to ob-
tain high temporal resolution measurements of the isotopic com-
positions of atmospheric vapor (dV) and the evaporated water
(dE). These measurements provide new constraints on the kinetic
effects and surface enrichment during evaporation. Several labo-
ratory experiments have been conducted on isotopic evaporation
(Cappa et al., 2003; Craig et al., 1963; Merlivat, 1978; Rozanski
and Chmura, 2006; Stewart, 1975) but none of them has used
continuous measurement of dE. The advantage of the continuous
and simultaneous measurement of dE and dV is that it allows us
to determine the evolution of evaporative enrichment of the sur-
face water as evaporation progresses, which in turn can be used
to quantify the kinetic fractionation effects experimentally.

The temperature at the evaporating surface controls both the
equilibrium fractionation factor (eeq) and relative humidity (h)
(Gat and Bowser, 1991; Kumar and Nachiappan, 1999; Lloyd,
1966). Cappa et al. (2003) proposed that a significant degree of
cooling exists at the surface of the evaporating water, which can af-
fect the accuracy of water isotope predictions. They argued that it
is the surface temperature, TS, not that of the bulk water tempera-
ture, TW, that drives the isotopic exchange between the surface and
the air aloft. A similar argument can be made for the stratification
of the isotopic composition in the water: dE is dependent upon the
isotopic composition at the evaporating surface (dL,e), not directly
on that of the bulk water (dL,b). Cappa et al. (2003) made the impli-
cit assumption that dL,b is identical to dL,e. But in reality, we expect
these two parameters to be different although to our best knowl-
edge no published studies have quantified the difference between
dL,b and dL,e. Obviously dL,e is the more appropriate parameter than
dL,b for quantifying the isotopic exchange during evaporation.
According to Welp et al. (2008), dL,e can be backed out of the C–G
model from the observed dE.

In this study, a tunable diode laser (TDL) analyzer was deployed
to make fine time-resolution measurements of H2

18O and HDO in
vapor in a home-made flux chamber. Flux chambers have been
widely used for measuring gaseous emissions to the atmosphere
at various types of surfaces. Using continuous measurement of
the isotopic composition of evaporation (dE), this study aims to im-
prove our understanding of fractionation during evaporation and
to quantify the isotopic enrichment at the evaporating surface.
2. Theory

2.1. Predictions of evaporative enrichment

The isotopic composition of evaporation (dE) is described by
Craig and Gordon (1965) as

dE ¼
a�1

eq dL;e � hdV � eeq � ð1� hÞeK

ð1� hÞ þ 10�3ð1� hÞeK

ð1Þ
where h is the relative humidity calculated with the measured va-
por pressure inside the chamber in reference to the temperature
of the evaporating surface (TS), dV and dL,e are the isotope ratios of
the vapor in the air aloft and the liquid water at the surface under-
going evaporation, respectively, eK is the kinetic fractionation factor,
aeq(>1) is a temperature-dependent equilibrium fractionation factor
(Majoube, 1971), and

eeq ¼ 1� 1
aeq

� �
� 1000 ð‰Þ ð2Þ

The reader should be aware that dL,e is generally heavier than
dL,b, the isotope ratio of the bulk water. The difference, dL,e � dL,b,
a measure of evaporative enrichment, is the focus of our experi-
mental investigation.

Eq. (1) is a simplified version of the original Craig–Gordon mod-
el. In the original model, the surface isotope value is higher than
the value of the bulk water by an unspecified amount. Although
modeling studies have been reported on the enrichment process
(He and Smith, 1999), we are not aware of experimental investiga-
tions that attempt to quantify the enrichment.

If dE is known, Eq. (1) can be solved for dL,e as

dL;e ¼ aeq½ð1� hÞðdE þ 10�3eKdE þ eKÞ þ hdV � þ 103ðaeq � 1Þ ð3Þ

One difficulty in applying Eq. (3) stems from uncertainties in TS

and eK, two variables that are not measured directly. The determi-
nation of eK requires the characterization of the degree of molecu-
lar and turbulent diffusion. Cappa et al. (2003) and Lee et al. (2009)
show that it can be written in the general form of

eK ¼ n 1� Di

D

� �
� 103 ð4Þ

where D is the molecular diffusivity in air, subscript i denotes the
minor water isotopic species (H2

18O or HDO) and n is an aerody-
namic parameter that appears as the exponent in the following rela-
tionship (Stewart, 1975),

ri

r
¼ D

Di

� �n

ð5Þ

In Eq. (5), r and ri are diffusion resistances to the major and minor
isotope species, respectively. The diffusivity ratios are 0.9691
(18O/16O) and 0.9839 (D/H) (Cappa et al., 2003). The evaporating
dishes used in the present study are small objects immersed in air
slowly circulated by a fan inside a chamber (see below), so it is rea-
sonable to assume a laminar boundary layer value of 0.67 (Barnes
and Allison, 1983; Mathieu and Bariac, 1996).

We used two methods to determine dL,e. The first method, de-
scribed in the next subsection, is that of Cappa et al. (2003) that
solves n and TS from the measured changes in the 18O/16O and D/
H of the bulk water during the evaporation experiment. In the sec-
ond method, we assumed a value of 0.67 for n and approximate TS

by TW.
2.2. Determination of TS and n from the isotopic composition of
evaporating water

Cappa et al. (2003) pointed out that the water surface undergo-
ing evaporation should be cooler than the bulk water. They pro-
posed an experimental method that allows simultaneous
determination of TS and n from the 18O/16O and D/H ratios mea-
sured at the beginning and the end of the evaporation experiment.
A brief summary of their method is provided here. Mass conserva-
tion requires that

dRL;b

dt
¼ E

m
ðRL;b � REÞ ð6Þ
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where m is the mass of water, t is time, and R = ci/c, is the molar ra-
tio, ci and c are the mixing ratio of the minor and major isotopo-
logue, respectively. Subscript L and E denote bulk liquid and
evaporation, respectively. The molar ratios can be converted to
the delta-notation, as d = (RL/RVSMOW � 1) � 103, where RVSMOW is
the VSMOW standard for water. Assuming dL = dL,e and combining
with Eq. (1), we obtain the solution of Eq. (6) as

dL �
b

a� 1

� �
¼ dL;0 �

b
a� 1

� �
m
m0

� �ða�1Þ

ð7Þ

where subscript 0 denotes values at t = 0, and

a ¼ 1

aeqð1� hÞð1þ 10�3eKÞ

b ¼
hdV þ 103ð1� a�1

eq Þ þ ð1� hÞeK

ð1� hÞð1þ 10�3eKÞ
ð8Þ

In Eq. (7), dL, dL,0, m and m0 are taken from the measurement, and TS,
which determines aeq (Majoube, 1971), and n, which determines eK

in Eq. (4), are unknowns. Since Eq. (7) can be written for both 18O
and D, we have a closed system in which the two unknowns are
constrained by two independent equations. The solution of TS and
n was achieved numerically for every evaporation experiment.
The reader is reminded that this procedure does not require the
measurement of dE. For the purpose of consistency with Cappa
et al. (2003), the diffusivity ratios of 0.9691 (18O/16O) and 0.9839
(D/H) were used in Eq. (4).

3. Experimental method

3.1. Evaporation chamber

The evaporation experiments were conducted with a dynamic
chamber. A TDL analyzer was used to measure the mixing ratios
of the three isotopic species, HDO, H2

18O and H2
16O in water vapor

at the inlet and outlet airstreams of the chamber (Fig. 1). The
chamber was a glass cylinder dome placed, without air-tight seal,
on a high density polyethylene (HDPE) plate. Glass and HDPE were
Fig. 1. Schematic diagram of the evaporation chamber and the TDL system for wat
chosen as the chamber materials in order to minimize the problem
of water vapor sticking to the chamber walls (Lee et al., 2005). The
water absorption of HDPE is 0.02–0.06% and no absorption or
swelling of glass is reported when it is exposed to water (Avallone
and Baumeister, 1996; NACE International, 2002). The sampling
tubing was made of Synflex composite material (Dekabon Type
1300, 1/4 in OD � 0.040 in wall, Dekoron, Aurora, Ohio, USA). A
fan was installed on the bottom plate and pointed upward to circu-
late air inside the chamber, so the possibility of humidity buildup
near the evaporation source should be minimal. Because the cham-
ber was not air-tight, pressure inside was atmospheric. Once the
pump was turned on, room air bled into the chamber, at a flow rate
of 15 L min�1, all around through the bottom edge of the glass
dome in contact with the HDPE plate. The resident time of chamber
air was 2.3 min. Simultaneously air was drawn, through a tube per-
forated with small holes and looped around the bottom of the
dome, into the TDL analyzer for analysis of the inlet moisture mix-
ing ratio and isotope ratio. Air inside the chamber (chamber outlet
air) was drawn from a perforated tube standing vertically in the
chamber. The difference in humidity between the inlet and outlet
was about 3% and 5% of relative humidity, respectively, relative
to TS for the heated and unheated experiments shown in Table 1.
A small evaporating container was placed in the middle of the bot-
tom plate. The temperature of the water and air inside the chamber
were measured with two thermocouples. The inlet humidity was
not actively controlled. The air handling system of our laboratory
was quite stable. The inlet water vapor molar mixing ratio varied
by less than 1 mmol/mol peak-to-peak or its relative humidity h
varied by less than 0.04 peak-to-peak during each evaporation
experiment.

Another important component of the experimental system was
the TDL analyzer (TGA 100 Campbell scientific Inc., Logan, UT,
USA). Details of the system have been discussed elsewhere (Lee
et al., 2005, 2007; Welp et al., 2008; Wen et al., 2008). Briefly,
the TGA manifold was operated with five intakes. The intake
assignments were span 1 (S1; intake 1), span 2 (S2; intake 2),
chamber outlet (intake 3) and inlet (intake 4), and dry air (intake
5). The chamber inlet and outlet air were brought into the TGA
manifold through a gradient interface system (GI) inside which
er vapor isotopes. The numbers represent the five intakes to the TDL manifold.



Table 1
Summary of experimental conditions. The aerodynamic parameter n and surface water temperature (TS) were determined with the isotope mass balance method described in the
text. Relative humidity (h, both outlet and inlet streams were normalized to TS) and evaporation flux were averages of the whole experiment. Bulk water temperature (TW) is the
first 3 h average of thermocouple measurements.

Container m/m0 TW (�C) n TS (�C) Outlet h Inlet h Evaporation flux (mol m�2 s�1)

Heated
Evapo 2 10 ml Beaker 0.29 33.8 0.94 23.0 0.45 0.42 2.48 � 10�2

Evapo 3 10 ml Beaker 0.22 33.1 0.94 22.4 0.45 0.40 2.44 � 10�2

Evapo 4 10 ml Beaker 0.07 33.4 0.94 21.6 0.46 0.42 2.29 � 10�2

Evapo 11 Glass cup 0.59 26.7 0.89 18.0 0.59 0.52 1.02 � 10�3

Unheated
Evapo 1 10 ml Beaker 0.54 20.3 0.54 21.1 0.45 0.43 8.11 � 10�3

Evapo 5 Petri-dish 0.26 19.5 0.49 22.7 0.42 0.38 5.22 � 10�3

Evapo 6 Glass cup 0.23 20.3 0.52 20.3 0.48 0.45 3.97 � 10�3

Evapo 7 Glass cup 0.17 21.0 0.55 21.4 0.45 0.42 4.43 � 10�3

Evapo 8 Petri-dish 0.19 19.8 0.49 23.8 0.40 0.37 5.53 � 10�3

Evapo 9 30 ml beaker 0.58 21.7 0.51 20.1 0.49 0.46 6.77 � 10�3

Evapo 10 Glass cup 0.78 21.0 0.67 20.1 0.50 0.46 5.09 � 10�3
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two buffer volumes served to dampen fluctuations in the humidity
and isotope ratios. S1 and S2 were calibration air generated by a
homemade device (called dripper) that generated water vapor of
known isotopic composition. The calibration was made in every
manifold switching cycle which was 3 min long. Dry air served as
a reference zero gas. Flow through the manifold inlets was con-
trolled at 0.25 L min�1 by heated critical orifices.

The experiments were performed under heated and unheated
setup using four types of containers. In the heated experiments,
heating was provided by two lamps of 250 and 120 W installed
outside the chamber. The average evaporation rate of the heated
experiments was 73% higher than that of the unheated experi-
ments (Table 1). The kinetic fractionation effects may be associated
with surface roughness. Four types of containers were used: a 10-
ml beaker (area 4 cm2, depth 3.3 cm), a 30-ml beaker (area 8 cm2,
depth 5.6 cm), a glass cup (area 13.2 cm2, depth 7.7 cm) and a Pet-
ri-dish (area 20.6 cm2, depth 1.8 cm). The surface dimensions of
these containers are similar to that of a typical broad leaf of a plant.
A specific experimental goal was to find out if the different geom-
etry of the evaporation containers may alter the surface boundary
layer enough to cause detectable differences in the kinetic factor.

3.2. Determination of the evaporation flux and vapor and flux isotope
ratios

The evaporation flux (E) was determined from the measured
water vapor mixing ratios of the inlet (ci) and outlet (co) of the
chamber air and the chamber flow rate (u), as

E ¼ uðco � ciÞ=S ð9Þ

where S is the surface area of the evaporation container. This flux
was integrated with time over the duration of the experiment and
was compared with the total water loss measured with a precision
balance.

The isotope ratio of water vapor at the inlet and outlet air was
computed from the mixing ratio measurements and calibrated
against the two span values according to Lee et al. (2005) and
Wen et al. (2008). The molar 18O/16O and D/H ratio of the chamber
evaporation flux (RE) was given by

RE ¼ Rd �
x2 � x1

x02 � x01
� x03 � x03

x3 � x4
ð10Þ

where Rd is the molar ratio of the dripper calibration water (18O/16O
of �15.7‰ and D/H of �120.9‰), subscripts denote the TDL inlet
assignments (Fig. 1), and x and x0 denote uncalibrated volume mix-
ing ratios of the major and minor species, respectively (Lee et al.,
2007). The molar ratio RE was converted to the delta-notation.
The isotope ratios in this study were reported relative to VSMOW.
One source of measurement error was related to the nonlinear
response of the TDL analyzer to ambient humidity. In a linear sys-
tem whose gain factor of each of the isotopologues is linear with its
mixing ratio, the measured molar ratio of the span vapor should be
a constant or independent of the mixing ratio. This turns out not to
be case with this analyzer. According to Wen et al. (2008), nonlin-
earity can be minimized via periodic adjustment of a nonlinearity
parameter of the instrument. In this study, the nonlinearity error in
dE was corrected, a posteriori, on the basis of mass conservation. Let
dO be the error associated with the instrument nonlinearity, dE be
the measured isotopic composition of evaporation, and dL be the
isotopic composition of the liquid water. Mass conservation
requires

ddL

dt
¼ E

m
½dL � ðdE þ dOÞ� ð11Þ

where E is evaporation rate and m is mass of liquid water. This
equation was integrated over time to the end of the experiment.
The correction dO was found by matching the predicted dL with
the measured value at the end of the experiment. The average cor-
rection was 1.6 (±2.6)‰ (18O) and 38.1 (±13.6)‰ (D). The data pre-
sented below have been corrected.

Local snow water with low isotope ratios (18O/16O = �13.5‰

and D/H = �88.9‰) was used for all the evaporation experiments.
The weight of the initial water and the remaining water at the end
of the experiment were measured, and the remaining water was
sampled for the isotope analysis. Water isotopic analyses were car-
ried out on a Thermo Finnigan DeltaPlus XP with Gas Bench, Ther-
mo Finnigan MAT 253 with a H-device and a Thermo Finnigan
DeltaPlus XP with TC/EA at the Yale Isotope Laboratory.

3.3. Measurements of transpiration flux isotope ratios

The chamber performance was further examined by measuring
18O/16O and D/H of plant transpiration (dT). A cotton seedling
grown in hydroponic solution was first exposed to full sunlight
in the ambient environment for 5 h and then placed in the chamber
for 40 h. The pot containing the root and the hydroponic solution
was sealed so that only transpired water was detected. The photo-
synthetically active photon flux density was very low at
15 lmol m�2 s�1 during the experiment, resulting in a low transpi-
ration rate of 0.45 mmol m�2 (leaf area) s�1. The low transpiration
rate was compensated by a total leaf area (0.03 m2) much bigger
than the surface area of the evaporation containers so that the
humidity difference between the chamber inlet and outlet was
comparable to those found in the evaporation experiments. The
transpiration experiment provided an independent evaluation of
the accuracy and precision of the dE measurement.



Fig. 3. Relationship between the measured water loss (m �m0) and cumulative
evaporations estimated with the TDL mixing ratios according to Eq. (9). The line
represents a 1:1 relationship. The outlier represents Evapo 6 which was excluded
from further analyses.
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4. Results

Recently, Sturm and Knohl (2009) pointed out a potential prob-
lem arising from the use of Synflex tubing in the isotope measure-
ments of water vapor. They observed that a long retention time
existed when their analyzer intake was switched after a step
change from a sample gas to a calibration gas. The delay is partic-
ularly noticeable in the D/H response. Synflex tubing was also used
in the present study. Fig. 2 presents the measured vapor 18O/16O
and D/H ratio time series, averaged over 16 switching cycles, in re-
sponse to switching from the chamber inlet to the calibration span
1 during an unheated experiment (Evapo 5). Both isotope ratios re-
sponded rapidly to the step change, attaining the target values 2 s
after the transition. The rapid response may have been a result of
low pressure (150–500 mb) in the tube. The low pressure was gen-
erated by a critical orifice at the tube inlet which regulated the flow
through the tube and by the small orifices of the manifold.

Fig. 3 compares the cumulative evaporation estimated with the
TDL mixing ratios (Eq. (9)) against the total water loss during the
experiment. The evaporation derived from the chamber measure-
ment was in excellent agreement with the measured water loss ex-
cept for Evapo 6. The reason is not clear as to why Eq. (9)
underestimated the water loss during Evapo 6. This experiment
was excluded from the analysis of surface water enrichment.
Fig. 3 indicates that our chamber system was in general reliable.

The results of the plant transpiration measurement can be used
to quantify the performance of the chamber system for measuring
dE. Fig. 4 presents the time evolution of the measured 18O/16O and
D/H of the transpiration water (dT). Also shown is the isotope com-
positions of the plant source water (dX). The average transpiration
rate and the turnover time of leaf water were 0.45 mmol m�2 s�1

(on the leaf area basis) and 6.1 h, respectively. The reader is re-
minded that because the plant had been exposed to full sunlight,
the isotopic contents of its leaf water must have been highly en-
riched over the source water. The dT measurement indicates that
transpiration was not in steady state for the first 13 h of the exper-
iment. The transition time was much longer than other observa-
tions in which the isotopic steady state is achieved in less than
2 h under controlled environment conditions (Flanagan et al.,
1991; Yakir et al., 1994). The long transition time was not surpris-
Fig. 2. Response of the TDL to step changes from the inlet air sample (81–100 s) to span
values of the span calibration, �15.7‰ and �120.9‰ for 18O/16O and D/H, respectively.
ing given the extremely low transpiration rate in the dark condi-
tions. After 13 h of the elapsed time, dT became stabilized, with
average values of 1.8‰ and 20.8‰ lighter than 18O/16O and D/H
of the source water, respectively. This bias occurred due to the
nonlinearity of the TDL analyzer (Lee et al., 2005). The biases fall
in the ranges found with the mass balance approach described in
Section 3.2. Excluding the first 13 h of the observation, the stan-
dard deviation of the hourly dT was 1.4‰ and 21.7‰ for 18O/16O
and D/H, respectively. This can be viewed as the precision of the
dE measurement. Relative to the precisions of the vapor isotope ra-
tios, the precision of the flux D/H ratio was much worse than the
precision of the flux 18O/16O ratio. The precision of the 18O/16O ra-
tio was comparable to that reported by Lee et al. (2007).

Fig. 5 presents an example of the time evolution of the hourly dE

and dV in one of the unheated experiments (Evapo 5). The dE predic-
tions (dots) were made with the C–G model using the measured
delta value of the bulk water (dL,b, crosses) at the beginning and
1 calibration (101–120 s) in 180 s measurement cycles. Dashed lines are the known



Fig. 4. The isotopic compositions of transpiration. The source water 18O/16O and D/H represented by the crosses were 4.3‰ and �4.5‰ at the beginning and 4.4‰ and �3.9‰

at the end of the experiment, respectively. Excluding the first 13 h under non-steady state, the variations suggest an uncertainty (one standard deviation) of the hourly flux
isotope ratio measurement on the order of 1.4‰ and 21‰ for 18O/16O and D/H, respectively.

Fig. 5. Hourly means of the evaporation isotope ratios (a) and vapor isotopic compositions of chamber air (b) in the one of unheated experiments (Evapo 5). The C–G model
predictions of dE (dots) were made with the measured bulk water isotope ratios (dL,b) and bulk water temperature (TW) and the n value of 0.67. The uncertainty (one standard
deviation) of the hourly dV measurement was about 0.1‰ for 18O/16O and 1‰ for D/H (Lee et al., 2005; Wen et al., 2008), and that of the hourly dE was 1.8‰ for 18O/16O and
21‰ for D/H (Fig. 4).
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end of the experiment. Both the evaporation flux and the bulk
water were steadily enriched in 18O and D with time during the
experiment. The measured dE disagreed with the predicted dE. In
general, the C–G predictions of 18O/16O of the evaporation flux
underestimated dE while the C–G predictions of D/H showed incon-
sistent tendency. The discrepancy between the predictions and the
observations appeared larger at the end than at the beginning of
the experiment.

Table 1 summarizes the experimental conditions. In a total of 11
experiments, 4 were performed with heating and the rest without
heating. Heating produced a much higher evaporation flux ranging
from 0.01 to 0.0276 mol m�2 s�1 than without heating (0.005–
0.0081 mol m�2 s�1). For comparison, Blanken et al. (2000) re-
ported a typical midday evaporation rate, ranging from 0.00167
to 0.0034 mol m�2 s�1 from a boreal lake in the summer. The frac-
tion of residual water at the end of experiment, m/m0, varied
depending on operation duration, heating setup, and container
type. The relative humidity inside the chamber in reference to TS

ranged between 0.40 and 0.59 depending on the experimental
conditions. A large difference in the aerodynamic parameter n



Table 2
The isotopic compositions (‰) of the bulk water (dL,b) and the evaporating surface
water at the beginning and the end of experiment. Here, dL,e was estimated from the
hourly measurements of dE using n and TS shown in Table 1. Typical measurement
precision was 0.1‰ (18O) and 1‰ (D) for dL,b and 0.9‰ (18O) and 11‰ (D) for dL,e.

dL,b dL,e

Initial End Initial End

18O/16O
Heated

Evapo 2 �13.5 5.5 �2.1 19.3
Evapo 3 9.1 2.6 19.9
Evapo 4 19.9 3.3 28.8
Evapo 11 �3.8 �8.2 �2.3

Unheated
Evapo 1 �13.5 �2.3 �7.5 9.5
Evapo 5 �0.7 �13.4 12.1
Evapo 6 4.8 n/a n/a
Evapo 7 6.5 �8.4 15.0
Evapo 8 2.0 �10.9 12.3
Evapo 9 �5.2 �7.8 �2.3
Evapo 10 �7.4 �9.1 �1.6

D/H
Heated

Evapo 2 �88.9 �33.8 �30.0 �15.2
Evapo 3 �23 �44.0 39.5
Evapo 4 12.7 �46.8 2.6
Evapo 11 �63.6 �110.2 �45.0

Unheated
Evapo 1 �88.9 �48.3 �119.2 �51.4
Evapo 5 �42.3 �110.8 10.8
Evapo 6 �24.5 n/a n/a
Evapo 7 �19 �57.9 27.0
Evapo 8 �5.2 �157.7 10.6
Evapo 9 �63.9 �60.2 �29.9
Evapo 10 �72.5 �101.7 �106.9
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occurred between the two experimental settings. The same con-
tainer was used for the first three heated experiments (Evapo
2–4). No solution of n in the range 0–1 could be found for Evapo
2, 4 and 8. The solutions found for Evapo 3 were used for analysis
of Evapo 2 and 4 and those for Evapo 5 were used for Evapo 8 on
the assumption that the same container would cause identical
influence of turbulence on the diffusion characteristics to generate
the same n value. In the heated setup, the n values varied from 0.89
to 0.94. That the n value was close to the molecular value suggests
that molecular diffusion dominated isotopic fractionation under
conditions of high evaporation. We suggest that this was because
turbulence was suppressed in the stably stratified interfacial sur-
face boundary layer above the water surface. The strong evapora-
tive cooling caused the surface temperature of the water to be on
the average 9.9 �C lower than air temperature in the chamber in
the heated setup. In the unheated setup, the mean n value was
0.55, indicating that turbulent diffusion was stronger at the lower
evaporation rates. The average surface temperature of the un-
heated evaporation experiments were 0.8 �C higher than the bulk
water temperature and 1.2 �C lower than air temperature in the
chamber. The n variation among the unheated experiments was
quite small, implying that the boundary layer condition above
the evaporating surface was insensitive to the shape of the con-
tainer. The n value was uncorrelated with the evaporation rate.

The estimated evaporating surface temperature (TS) was similar
between the heated and unheated setup even though the mea-
sured bulk water temperature (TW) was quite different. The mean
TS value (standard deviation) was 21.3 �C (±2.2) for the heated set-
up and 21.4 �C (±1.4) for the unheated setup. With respect to evap-
orative cooling, the heated setup had the surface that was
consistently cooler than the bulk water with the maximum tem-
perature difference of 11.8 �C during Evapo 4. No consistent pat-
tern was observed in the unheated setup. Evapo 9 and 10
produced slight cooling while during Evapo 1, 5, 7 and 8, some
warming was observed. The physically unrealistic warming of
the evaporative surface could be related to measurement errors
and errors arising from the well-mixed assumption in the solution
of n and TS (see Section 5.4).

Table 2 summarizes the 18O/16O and D/H values of the bulk (dL,b)
and the surface water (dL,e). Here dL,e was determined with Eq. (3)
using the n and TS values listed in Table 1. The initial dL,b was iden-
tical as water of the same isotope ratios was used in all the exper-
iments. At the beginning of these experiments, the mean surface
enrichment (dL,e � dL,b) values (standard deviation in parentheses)
are 12.4 (5.3)‰ and 31.1 (35.7)‰ for the heated and 4.0 (2.3)‰
and �12.4 (37.9)‰ for the unheated setup for 18O/16O and D/H,
respectively. At the end of the experiments, the mean values are
8.7 (5.2)‰ and 22.4 (30.0)‰ for the heated and 8.7 (3.8)‰ and
18.6 (33.1)‰ for the unheated setup for 18O/16O and D/H, respec-
tively. The average value of all the data (heated and unheated,
beginning and end) was 8.0‰ (standard deviation 4.8‰) for
18O/16O and 12.6‰ (36.2) for D/H. The mean 18O/16O enrichment
was significantly different form zero (p < 0.001) but the mean D/
H enrichment was not (p = 0.14). Because of the large uncertainties
found in D/H, the analysis of surface enrichment for 18O/16O should
be more reliable than that of D/H.

The more variable D/H enrichment estimates than the 18O/16O
values were related partly to the fact that the precision for the
D/H flux ratio measurement was much lower than for the
18O/16O flux ratio (Fig. 5). Other researchers have also reported
uncertainties in D/H previously in the case of leaf water enrich-
ment (Cernusak et al., 2002; Roden and Ehleringer, 1999). Roden
et al. (2000) suggested in their sensitivity analysis of the C–G leaf
water model that errors in the model predictions can be magnified
as the difference in D/H between the vapor and the source water
increases. The D/H difference between the liquid and the vapor
was on average 52.0‰ at the beginning and became larger
(101.2‰) at the end of the experiments. This seems to explain
why the D/H enrichment estimates were more scattered at the
end than at the beginning of the experiment.

To ensure that the enrichment results in Table 2 are not an arti-
fact of the well-mixed assumption (Section 5.4), we did another set
of calculations using the n value of 0.67 for the kinetic factor (Eq.
(3)) and evaluating relative humidity (h) and the equilibrium factor
at the measured bulk water temperature. As stated previously, the
n value of 0.67 is frequently used for assessing the fractionation
during diffusion through the laminar boundary layer of a small ob-
ject (Farquhar and Lloyd, 1993). When these values were deployed
in the C–G model, only small changes in the surface enrichment
were detected for either type of the experimental setups (Table 3).
At the end of evaporation, the mean surface enrichment in 18O
changed to 12.1‰ and 9.1‰ from 8.7‰ and 8.7‰ and the enrich-
ment in D changed to 31.4‰ and 16.1‰ from 22.4‰ to 18.6‰ for
the heated and unheated setups, respectively. The average enrich-
ment of all the data (heated and unheated at the beginning and end
of the experiments) was 8.9‰ (standard deviation 4.1‰, signifi-
cantly different from zero at p < 0.001) for 18O/16O and 13.1‰ for
D/H (standard deviation 35.7‰, p = 0.12). The enrichment esti-
mates are insensitive to the choice of the Cappa method or com-
monly accepted n value.

Our dD–d18O slope analysis in Fig. 6 reveals that evaporation
caused a slightly higher fractionation effect at the evaporating sur-
face than in the bulk water. The slope of the dD–d18O relationship
reflects the difference in kinetic fractionation between D and 18O of
the residual water after evaporation has occurred. A stronger ki-
netic effect shifts the slope further from the slope of 8 in which
is the GMWL slope resulting from the isotopic equilibrium be-
tween the precipitation and the vapor (Gat, 1996). Our dD–d18O



Table 3
The isotopic compositions (‰) of water at the evaporating surface. The measured bulk
water temperature and the n value of 0.67 were used for the dL,e estimations. The
same data is also plotted in Fig. 6b. Typical measurement precision was 0.9‰ (18O)
and 11‰ (D).

18O/16O D/H

Initial End Initial End

Heated
Evapo 2 �6.9 19.6 �30.8 �17.7
Evapo 3 �1.3 21.5 �53.0 56.5
Evapo 4 0.6 35.3 �59.6 5.7
Evapo 11 �5.0 2.6 �128.2 �26.5

Unheated
Evapo 1 �5.4 11.1 �115.0 �49.6
Evapo 5 �10.2 11.6 �101.3 1.1
Evapo 6 n/a n/a n/a n/a
Evapo 7 �6.4 16.6 �56.7 26.6
Evapo 8 �8.1 11.5 �139.6 3.3
Evapo 9 �4.8 1.2 �59.1 �25.1
Evapo 10 �12.3 �4.5 �105.7 �110.7
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slope for dL,b is 3.0 at the end of the experiments. The dD–d18O
slope for dL,e at the end of experiments was predicted in the range
of between 1.5 and 3.8 (mean slope of 2.6% at the 95% confidence
intervals) in Fig. 6b.

Fig. 7 shows the time evolution of dE, measured during Evapo 5
(Fig. 5), in the dD–d18O plot. The best-fit of the data gives a linear
regression with a slope of 3.6, similar to the slope shown in
Fig. 6a for the bulk water.
5. Discussion

5.1. The role of molecular and turbulent diffusion

The overall kinetic effect on evaporation depends on the relative
roles of molecular and turbulent diffusion. Three limits of n value
are known: non-fractionating, fully turbulent diffusion (n = 0), dif-
Fig. 6. dD–d18O relationships for the evaporating water reservoirs: (a) isotope ratios of th
C–G model with the n value of 0.67 and the measured TW. Closed and open symbols rep
respectively. Dashed lines are the best-fit of the open symbols, with the regression equat
parameter ranges given at the 95% confidence level. Dotted lines in (b) are the 95% con
fusion through the laminar boundary layer of a small object
(n = 0.67) and pure molecular diffusion (n = 1) (Craig and Gordon,
1965). In leaf scale observations, n ranges from 0.48 to unity
depending on leaf morphology (Buhay et al., 1996). According to
wind tunnel studies, n should be equal to 0.67 if the motion in
the leaf boundary layer is laminar and 0.50 if it is turbulent
(Monteith and Unsworth, 1990). In the process of soil evaporation,
diffusion through the soil pore space is a molecular process and n
should be close to unity (Allison et al., 1983). At the ecosystem-
scale, the gaseous exchange pathway consists of both molecular
diffusion through the stomatal opening and turbulent diffusion
through the canopy air space and the atmospheric surface layer,
and as a consequence the effective n value can be very small (Lee
et al., 2009). Our n values were closer to the molecular limit at high
rates of evaporation and the limit of turbulent leaf boundary layer
at low rates of evaporation. In comparison, Cappa et al. (2003) re-
ported the n values in the range of 0.32–0.39 at evaporation rates
similar to those in our unheated experiments. Their exceptionally
low n values may be an indication that turbulent diffusion played
a large role in their chamber experiment.
5.2. Isotopic enrichment at the evaporating sites

Our results show that the predictions of dE with the C–G model
(Eq. (1)) were lower than the dE observations if the bulk water iso-
tope ratios were used in the model calculations. The disagreement
can only be explained by the surface being more enriched in 18O
and D than the bulk water. The disagreement existed at the very
beginning of the evaporation experiment (Fig. 5a), indicating the
development of the vertical gradient in the water 18O and D com-
positions was a nearly instant process.

The enrichment in 18O and D during evaporation has been
extensively studied through the examination of leaf water. Numer-
ous studies have used the C–G model to predict the isotopic com-
positions of the water at the evaporating sites within the leaf at
steady state (Allison et al., 1985; Barnard et al., 2007; Flanagan
e bulk water (dL,b) and (b) at the evaporating sites (dL,e). dL,e was estimated with the
resent isotope ratios at the beginning and the end of the evaporation experiment,

ion of (a) dD = 3.0 (±1.2) d18O �43 (±10) and (b) dD = 2.6 (±2.4) d18O �47 (±40) with
fidence intervals. Solid lines are GMWL. The same data is given in Table 3.



Fig. 7. Evolutions of isotope composition of the evaporation flux (dE) over the course of Evapo 5. The diagonal solid line is the GMWL. The color bar shows the time evolution
of the experiment (h). The dashed line is the linear regression of dE. Also shown are the C–G model calculation of the surface water isotope compositions (dL,e), made with
n = 0.67 the measured TW, and the compositions of the bulk water. Additional information on this experiment is given in Fig. 5. See Fig. 5 for dL symbols.
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and Ehleringer, 1991; Seibt et al., 2006). The predicted values are
generally higher than that of the bulk leaf water. A Péclet effect
model has been used to describe the isotopic mixing of the xylem
water flow and the back-diffusion from the evaporating sites in the
leaf (Farquhar and Cernusak, 2005; Farquhar and Lloyd, 1993;
Ripullone et al., 2008; Wang et al., 1998). This isotopic gradient
developed within the leaf bears some resemblance to our situa-
tions. Unlike leaf transpiration where the leaf water is continu-
ously refilled by the inflow of the xylem water, however, our
system was a closed one in that there was no continuous supply
of water with constant isotopic compositions to the evaporating
reservoir. In the closed system, we expect a stronger back-diffusion
than in the open system, imposing a constraint on the magnitude
of the isotopic gradient between the surface and the bulk water.

Even though the dimension of the evaporation source was small,
the underlying processes can shed some light on evaporation from
water bodies such as rivers, lakes and evaporation pans (Gibson
et al., 1999) in natural conditions. Running the C–G model in the in-
verse mode (Eq. (3)), we estimated that the gradients between the
surface and the bulk water were 8.0‰ and 12.6‰ for 18O/16O and D/
H, respectively (Table 2). These enrichment values are likely to rep-
resent the upper limit of natural water bodies undergoing evapora-
tion. In ocean waters, wave breaking, which occurs at scales greater
than the thickness of the interfacial layer undergoing evaporation,
should act to smear the isotopic gradient. It is also known that
the diffusion process in river and lake waters is more efficient than
molecular diffusion (Csanady, 1963), further retarding the develop-
ment of the isotopic gradient at the surface. Indeed, recent isotopic
studies of marine vapor do not show evidence for such large enrich-
ment of surface water (Uemura et al., 2008, 2010). Nevertheless, our
research raises the possibility that the calculations of the isotopic
compositions of the water vapor at the source region may have
been biased low in previously published studies because the bulk
water isotopic content was used to drive the C–G model (Terwilliger
and DeNiro, 1995; Yadav, 1997; Yi et al., 2008). Horita et al. (2008)
also pointed out in their review that the degree of surface cooling
suggested by Cappa et al. (2003) must also produce surface enrich-
ment. The advection–diffusion model of He and Smith (1999)
shows that in the limit of high evaporation rates, evaporation from
a water body should approach a ‘‘batch’’ process analogous to leaf
transpiration. In this process, the evaporated water has an identical
isotopic composition as the bulk water and the water surface
undergoing evaporation must be enriched over the bulk water to
sustain this isotopic steady state.

5.3. Isotopic fractionation indicated by the dD–d18O slope

Numerous studies have examined the dD–d18O slope of environ-
mental water. In the studies of atmospheric transport, the dD–d18O
slope of precipitation provides insights into the mixing of the vapor
generated locally with the water transported from the remote
source region (Gat et al., 1994, 2003; Gibson, 2002). In the process
of leaf transpiration, the dD–d18O slope is a measure of the mixture
of the un-fractionated xylem water with the fractionated leaf
water at the evaporative sites (Allison et al., 1985; Cernusak
et al., 2002; Flanagan et al., 1991; Pendall et al., 2005; Roden and
Ehleringer, 1999). The majority of the studies on the leaf water
enrichment reported the slope value in the range from 3 to 5. In
dry soils, the slope of the soil water is less than 3 due to the dom-
inance of molecular diffusion through the soil layers (Allison et al.,
1983; Tang and Feng, 2001).

In the present study, the dD–d18O slope for the bulk water, dL,b

(Fig. 6a) was 3.0 (±1.2, 95% confidence interval) close to the low
end of the values reported for the bulk leaf water in the literature.
The slope of for dL,e at the end of the experiments (Fig. 6b) was 2.6
(±2.4, 95% confidence interval), falling in the ranges reported by
previous studies conducted on evaporating water bodies (Allison
et al., 1985; Craig and Gordon, 1965; Gat et al., 2007). In a model
calculation with the assumption of no vertical isotopic gradient,
Gat (1971) reported a modeled slope value of 2.3 for an evaporat-
ing reservoir. Our slope for the surface water was closer to those
found for extremely dry soil and for leaves of water-stressed
plants. For example, a slope of 2 was reported for soil water in
Sahara (Dincer et al., 1974; Gibson et al., 2008). Gat et al. (2007) re-
ported the slope of 2.1–2.8 for the leaf water of desert plants
sampled in midday hours. Allison et al. (1985) reported a slope
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of 1.3–2.4 for water of pine needles at various height collected in
water-stressed and non-stressed seasons, respectively, and a slope
of 1.5 for annual pigweed and sunflower plants under controlled
greenhouse conditions. Presumably when the plants are in drought
stress, the stomatal resistance should be much higher than the
aerodynamic resistance and as result the kinetic fractionation is
dominated by molecular diffusion (Lee et al., 2009). The small
slope for dD–d18O suggests that the kinetic fractionation of evapo-
ration from isolated water bodies may be stronger than previously
thought, although the large range of the slope parameter in Fig. 6b
prevents us from drawing a firm conclusion.

5.4. A closure problem

The application of the C–G model (Eq. (1)) for predicting the iso-
topic composition of evaporation requires three parameters that are
not directly observable. They are the temperature of the evaporating
surface (TS), the aerodynamic parameter n, and the isotopic compo-
sition of the water at the surface (dL,e). However, there are only two
mass conservation equations (Eq. (7)), one for each of the two isoto-
pic species (18O and D). Mathematically, we have a closure problem
because there are more unknowns than the number of equations to
constrain them. To solve for TS and n, Cappa et al. (2003) made the
implicit assumption that dL,e = dL,b. The same closure or well-mixed
assumption was tacitly adopted in this study. How this assumption
affects the TS and n estimates is not known. Our estimates of the sur-
face enrichment (dL,e � dL,b) seem robust because they are not sensi-
tive to the choice of n or the temperature at which the equilibrium
fractionation was evaluated (Tables 2 and 3).

The molecular diffusivity ratios determined by Merlivat (1978;
0.9727 for 18O/16O and 0.9757 for D/H) have been widely used be-
cause they were obtained from carefully conducted experiments
(Horita et al., 2008). Cappa et al. (2003) proposed the values of
0.9691 and 0.9839 for 18O/16O and D/H, respectively, based on a
set of chamber evaporation experiments similar to ours and with
the surface cooling accounted for. Some of the differences between
Cappa’s and Merlivat’s values may have been caused by the well-
mixed assumption noted above. In a more recent study, Luz et al.
(2009) stirred the water undergoing evaporation, creating a true
well-mixed condition. By doing so they arrived at estimates of
these diffusivity ratios in close agreement with Merlivat’s values.

5.5. Uncertainty in the determination of evaporative enrichment

Three sources of uncertainty can affect our enrichment calcula-
tions. First, the input variables on the right of Eq. (3) were influenced
by measurement noises. Of these dE carried the largest uncertainties
(1.4‰ for 18O/16O and 21.7‰ for D/H). The errors in dL,e caused by the
dE uncertainties were reduced by half to 0.7‰ for 18O/16O and 11‰

for D/H because relative humidity h was about 0.5 (Table 1). The
combined uncertainties in dL,e due to errors in h (0.02) and the vapor
isotope ratios (0.1–0.2‰ for 18O/16O and 1‰ for D/H) were less than
0.2‰ for 18O/16O and 1‰ for D/H. The error propagation accounted
for about 20% of the observed variability in surface enrichment (Ta-
bles 2 and 3). The remaining variability in the observed enrichment
values was associated with changes in experimental conditions.

The second source of uncertainty is related to nonlinearity er-
rors. Unlike the first source of uncertainties which was random,
these errors were systematic. The overall accuracy of the dL,e calcu-
lations were improved by our nonlinearity corrections because
they were made to each experiment on the basis of mass balance
principle. Without these corrections to dE, the 18O and D surface
enrichments would be reduced by an average of 0.8‰ and 19‰,
respectively.

Third, uncertainties in the Craig–Gordon model parameters
(water temperature and aerodynamic parameter n) can affect the
enrichment calculations. The Cappa method was circular because
the n and TS values derived from the well-mixed assumption were
used to estimate a nonzero surface enrichment which violated the
assumption. Fortunately, calculations without this assumption
yielded similar surface enrichment values (Table 3). If the Merli-
vat’s diffusivity ratios were used in Eq. (3), the calculated dL,e � dL,b

would increase to 16.5‰ for D and decrease to 7.5‰ for 18O, as
compared to the estimates shown in Table 2. In this sensitivity
analysis, the aerodynamic parameter n had taken the value of
0.67 and the equilibrium fractionation factor had been evaluated
at the bulk water temperature TW. The new 18O enrichment value
was still significantly different from zero (p < 0.001). If the n value
of 1 for pure molecular diffusion was used (Luz et al., 2009), the
mean enrichment values became 13.0‰ and 20.0‰ for 18O
(p < 0.001) and D (p < 0.05), respectively. Only by using an extre-
mely low value of n of 0.25 did both enrichment values become
insignificant (0.4‰ for 18O, p > 0.5; 10.4‰, p > 0.2). Such a low n va-
lue may occur in highly turbulent conditions in the field (Horita
et al., 2008; Lee et al., 2009) but was extremely unlikely in the
low flow, smooth wall situations of our experiment. Accordingly,
our best estimates of the surface enrichment were in the range
7.5–8.9‰ for 18O and 12.6–16.5‰ for D.
6. Conclusions

Our results show, not surprisingly, that the isotope ratios of
evaporation (dE) and the residual water (dL,b) were progressively
enriched with time during the evaporation experiments. The C–G
model was unable to predict dE if dL,b was used in the model. This
was because the heavier isotopes accumulated at the evaporating
surface. Using the C–G model in the inverse mode, we found that
the surface enrichment was 7.5–8.9‰ more enriched in 18O and
12.6–16.5‰ in D than the bulk water. The enrichment was statis-
tically different from zero for 18O/16O (p < 0.001) but not for D/H
(p = 0.14). It is not known how accurately these estimates repre-
sent the fractionation process in the real world. The surface enrich-
ment observed in the synthetic laboratory environment can be
considered a research hypothesis worth testing in future field
experiments.

The slopes of dD–d18O relations for the surface and the bulk
water were close to the values reported for the leaf water of des-
sert plants and water in dry soils. The small slope for dD–d18O sug-
gests that the kinetic fractionation of evaporation from isolated
water bodies may be stronger than previously thought, although
the large uncertainties in the measurement of D/H of evaporation
prevented us from drawing a firm conclusion.

The aerodynamic parameter (n) estimated with the Cappa
method was in the range of 0.89–0.94 for the heated experiments,
indicating that kinetic fractionation was dominated by molecular
diffusion. In the unheated experiments, the n values were less than
that of the heated setup, falling in the range of 0.49–0.67, suggest-
ing the existence of turbulent diffusion.

A closure or well-mixed assumption, that dL,e = dL,b was made in
the determination of n and the surface temperature. However, our
estimates of dL,e were insensitive to this assumption, the choice of
the molecular diffusivity ratios, or the consideration of surface
cooling. The same well-mixed assumption was made by Cappa
et al. (2003) their determination of the 18O/16O and D/H molecular
diffusivity ratios using an evaporation apparatus similar to ours.
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